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Abstract 23 

The decline in dissolved oxygen in global oceans (ocean deoxygenation) is a potential 24 

consequence of global warming which may have important impacts on ocean biogeochemistry and 25 

marine ecosystems. Current climate models do not agree on the trajectory of future deoxygenation 26 

on different timescales, in part due to uncertainties in the complex, linked effects of changes in 27 

ocean circulation, productivity and organic matter respiration. More (semi-)quantitative 28 

reconstructions of oceanic oxygen levels over the Pleistocene glacial cycles may provide a critical 29 

test of our mechanistic understanding of the response of oceanic oxygenation to climate change. 30 
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Even the most promising proxies for bottom water oxygen (BWO) have limitations, which calls 31 

for new proxy development and a multi-proxy compilation to evaluate glacial ocean oxygenation. 32 

We use Holocene benthic foraminifera to explore I/Ca in Cibicidoides spp. as a BWO proxy. We 33 

propose that low I/Ca (e.g., < 3 µmol/mol) in conjunction with benthic foraminiferal carbon 34 

isotope gradients and/or the surface pore area percentages in foraminiferal tests (e.g., >15%) may 35 

provide semi-quantitative estimates of low BWO in past oceans (e.g., < ~50 µmol/kg). We present 36 

I/Ca records in five cores and a global compilation of multiproxy data, indicating that bottom 37 

waters were generally less-oxygenated during glacial periods, with low O2 waters (< ~50 µmol/kg) 38 

occupying some parts of the Atlantic and Pacific Oceans. Water mass ventilation and circulation 39 

may have been important in deoxygenation of the glacial deep Pacific and South Atlantic, whereas 40 

enhanced remineralization of organic matter may have had a greater impact on reducing the oxygen 41 

content of the interior Atlantic Ocean. 42 

 43 

Key Points 44 

 Epifaunal I/Ca can be used as a semi-quantitative bottom water oxygen proxy. 45 

 Low-O2 waters (< 50 µmol/kg) may have been more extensive in the glacial Atlantic and 46 

Pacific Oceans than today. 47 

 The driving mechanisms of glacial deoxygenation may have varied between ocean basins. 48 

 49 

Keywords: I/Ca; benthic foraminifera; Cibicidoides spp.; bottom water oxygen; glacial-50 

interglacial cycles 51 
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1. Introduction 52 

Observations and climate models show increased ocean deoxygenation as a response to global 53 

warming, due to decreased oxygen solubility in warmer waters combined with decreased 54 

ventilation of the deep ocean due to increased thermal stratification (Breitburg et al., 2018; Keeling 55 

et al., 2009; Schmidtko et al., 2017), and a decrease in the lateral advection of oxygenated waters 56 

(Gruber et al., 2001). However, current climate models tend to under-estimate spatial oxygen 57 

variability and temporal trends (Oschlies et al., 2017; Stramma et al., 2012), partially due to an 58 

inability to precisely tease apart contributions to deoxygenation from three main controls: (i) 59 

temperature related oxygen solubility; (ii) ventilation of water masses and other physical processes; 60 

(iii) biogeochemical processes (e.g., biological production and respiration) (Oschlies et al., 2018). 61 

Models tend to agree on (i), but disagree on (ii) and (iii), which leads to different projections of 62 

expanding vs. shrinking oxygen minimum zones (OMZ) over the long-term future (Resplandy, 63 

2018). 64 

Geological records commonly link ocean deoxygenation to greenhouse climates (e.g., Jenkyns 65 

(2010); Penn et al. (2018)), but deoxygenation also occurred during cold periods in deep time (e.g., 66 

at the Late Ordovician – Early Silurian (Bartlett et al., 2018) and across the Frasnian – Famennian 67 

boundary (Song et al., 2017)). Thus, temperature alone does not dictate ocean deoxygenation, 68 

indicating that we need a better understanding of the interplay between physical and 69 

biogeochemical processes during climate change.  70 

Deoxygenation was common during Pleistocene glacials (e.g., Bradtmiller et al. (2010); de la 71 

Fuente et al. (2017); Gottschalk et al. (2016a); (2018); Hoogakker et al. (2015); Jaccard et al. 72 
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(2016); Jacobel et al. (2020); Loveley et al. (2017); Umling and Thunell (2018)), and there is much 73 

evidence that global deep oceans (> 2 km) were less-oxygenated during the Last Glacial Maximum 74 

(LGM, 18-22 ka) than in the early Holocene (Jaccard and Galbraith, 2012). However, this evidence 75 

is generally qualitative (Jaccard and Galbraith, 2012), and quantitative O2 estimates for the glacial 76 

oceans are needed to further assess and differentiate drivers for deoxygenation. 77 

Qualitative bottom water oxygen (BWO) proxies traditionally used on glacial-interglacial time 78 

scales include sedimentary structures (e.g., lamination due to lack of bioturbation), benthic 79 

foraminiferal assemblages and species abundances, and trace metal concentrations (Jaccard and 80 

Galbraith, 2012). The authigenic uranium content of sediments (aU, i.e., accumulation of reduced 81 

U(IV) in excess of U in detrital sediments) (Bradtmiller et al., 2010; Durand et al., 2018; Jaccard 82 

et al., 2016; Jacobel et al., 2017; Loveley et al., 2017) is controlled by BWO and the rain of organic 83 

material from surface ocean (which consumes O2 as it is respired) (Bradtmiller et al., 2010). If 84 

sediments become more reducing (higher aU values) with similar or lower export production (no 85 

increased O2 consumption), it can be reliably inferred that higher aU is due to a decrease in BWO. 86 

But a lack of high aU values does not preclude deoxygenation: subsequent reoxygenation at the 87 

sampling site could obliterate sedimentary aU enrichments that had previously developed 88 

(Bradtmiller et al., 2010; Costa et al., 2018; Jacobel et al., 2020). The benthic foraminiferal oxygen 89 

index based on species assemblage and morphology data, also used to qualitatively trace BWO 90 

(Kaiho, 1994), is poorly supported by calibration with living foraminifera (Jorissen et al., 2007), 91 

and the impact of factors other than the BWO level (e.g., organic matter flux) cannot be easily 92 

separated from the overall signal. 93 
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Four recently developed proxies have promise to provide semi-quantitative constraints on 94 

BWO: (1) the pore area in benthic foraminiferal tests (Rathburn et al., 2018), (2) benthic 95 

foraminiferal carbon isotope gradients (Hoogakker et al., 2015), (3) preservation of organic 96 

compounds (Anderson et al., 2019), (4) and the benthic I/Ca proxy (Glock et al., 2014). We 97 

highlight these newly developed BWO proxies because they have been validated/calibrated to 98 

various degrees in modern sediments/foraminifera. Furthermore, they show some potential to 99 

reconstruct specific BWO values instead of being limited to qualitative reconstruction of 100 

higher/lower BWO or increased/decreased extent of suboxic water mass. 101 

The pore area percentage in tests of the epifaunal (on or above the seafloor surface living) 102 

benthic foraminifer Cibicidoides wuellerstorfi is correlated with BWO in the modern ocean 103 

(Rathburn et al., 2018), but this proxy has not yet been tested in down-core studies. Several studies 104 

have related pore size of different species of benthic foraminifera to ambient conditions, but most 105 

have focused on taxa that live within sediments (infaunal) (e.g., Kuhnt et al. (2014)), and may be 106 

influenced by pore water conditions and nitrate respiration (Rathburn et al., 2018). 107 

The benthic foraminiferal carbon isotope gradient (δ13C) between epifaunal (C. wuellerstorfi) 108 

and deep infaunal benthic foraminifera species (Globobulimina spp.) was quantitatively calibrated 109 

to BWO values (20 – 235 µmol/kg) in a global deep ocean dataset (Hoogakker et al., 2018; 110 

Hoogakker et al., 2015; McCorkle and Emerson, 1988). The application of this proxy is limited by 111 

the restricted occurrence of these species, with Globobulimina spp. requiring relatively high export 112 

productivity (Jorissen et al., 2007). In addition, δ13CC. wuellerstorfi may be influenced by seasonal 113 

variability in export productivity of labile organic matter to the seafloor, i.e., the phytodetrital flux 114 
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(‘Mackensen effect’) (Mackensen et al., 1993); and δ13CGlobobulimina may be affected by isotopically 115 

light carbon released by anaerobic processes including denitrification and sulfate reduction, thus 116 

alter the relationship between δ13C and BWO (Jacobel et al., 2020). 117 

Another recently proposed, empirical proxy is the use of the preservation of specific organic 118 

compounds (as observed in Arabian Sea sediments) to estimate BWO concentrations in the central 119 

Equatorial Pacific (Anderson et al., 2019): an order-of-magnitude greater accumulation of lipid 120 

biomarkers (e.g., C37 alkenones) combined with evidence for lower export production was argued 121 

to indicate a BWO content of 20 – 50 µmol/kg, although uncertainty remains about the mechanism 122 

of organic matter preservation (Hedges and Keil, 1995) and the validity of applying this empirical 123 

relationship based on Arabian Sea data to other regions (Anderson et al., 2019). 124 

The carbonate I/Ca proxy has been applied across different time scales, and can be used to 125 

resolve subtle changes in oceanic oxygenation (Lu et al., 2018; Lu et al., 2016). Iodate ([IO3
−], 126 

oxidized form) and iodide ([I−], reduced form) are the thermodynamically stable forms of iodine 127 

in seawater (Wong and Brewer, 1977); [IO3−] is completely reduced to [I−] in anoxic environments 128 

(Rue et al., 1997). [IO3−] is the only iodine species incorporated into carbonate (Lu et al., 2010) by 129 

replacing [CO3
2−] (Feng and Redfern, 2018; Podder et al., 2017), thus lower foraminiferal I/Ca 130 

generally records more O2-depleted conditions (Lu et al., 2016). 131 

Modern BWO concentrations at low ranges (2 – 34 µmol/kg) correlate with I/Ca in infaunal 132 

and epifaunal living foraminifera (Glock et al., 2014). To date, only one calcitic epifaunal species, 133 

Planulina limbata, has been analyzed for its I/Ca in modern settings (Glock et al., 2014), 134 

documenting impingement of an OMZ on the seafloor. Cibicidoides spp. are more commonly used 135 



7 

in paleoceanographic investigations, and thus I/Ca in cosmopolitan Cibicidoides species may have 136 

great potential as a BWO proxy for comparison with proxy data for other paleoenvironmental 137 

parameters. Cibicidoides wuellerstorfi and C. lobatulus are typically attached to objects projecting 138 

0 – 2 cm above the sediment-water interface (Lutze and Thiel, 1989; Rathburn and Corliss, 1994; 139 

Schweizer et al., 2009). Other Cibicidoides spp. (e.g., C. mundulus, C. pachyderma) may live in 140 

the top 2 cm of the sediment, and can adapt from an epifaunal (bottom water exposure) to a shallow 141 

infaunal (pore water exposure) habitat (Wollenburg et al., 2018). Cibicidoides spp. are generally 142 

not abundant in low O2 waters (Jorissen et al., 2007), but C. wuellerstorfi has been observed living 143 

in settings with O2 < 50 µmol/kg (Rathburn et al., 2018; Venturelli et al., 2018). 144 

Here we report a global Cibicidoides spp. I/Ca data set obtained from living (i.e., Rose Bengal 145 

stained and live-picked) and unstained (i.e., living and dead) benthic foraminifera tests in core-top 146 

sediments of Holocene-modern age. The intention is to characterize benthic I/Ca relative to modern 147 

BWO values. We combine I/Ca with δ13C and surface pore area values to explore how these 148 

proxies may be combined to provide more reliable (semi-)quantitative BWO estimates. We then 149 

estimate bottom water oxygenation changes in glacial oceans from five down-core I/Ca records, 150 

and integrate these with an updated global compilation of independent oxygenation proxies (δ13C, 151 

aU, and C37 alkenones) to explore a broader pattern of glacial BWO conditions. We do not strictly 152 

focus on the LGM in the I/Ca records because the temporal resolution of some records is relatively 153 

low, but focus instead on more broadly defined glacial periods, i.e., Marine Isotope Stages (MIS) 154 

2 – 4 and 6. 155 

 156 
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2. Materials and Methods 157 

2.1. Materials 158 

For sampling locations of live-collected and unstained core-top foraminifera and core sites, 159 

see Fig. 1 and Table S1. Foraminifera were either collected alive onboard ship (living attached on 160 

the hard surfaces such as rocks, worm tubes or artificial substrates, and manually removed), or 161 

stained with Rose Bengal and determined to have been alive at the time of collection using 162 

conservative assessments (Rathburn et al., 2018). The living foraminifera were imaged using 163 

Scanning Electron Microscopy to determine the areal percentage of pores in their tests (Rathburn 164 

et al., 2018), then cleaned and dissolved to analyze the I/Ca of their tests. 165 

Unstained foraminifera from core-top sediments contain both living and dead foraminifera. 166 

Gravity or piston cores may lose some seafloor surface sediments, and core-tops from such cores 167 

are likely to contain a higher percentage of dead foraminifera (Rathburn and Miao, 168 

1995).  Multicorer surface sediments are more likely to include the living population along with 169 

dead foraminifera. The living population represents conditions at the time of collection, whereas 170 

the dead assemblage (and living plus dead) may contain a different suite of species, including these 171 

living at the location in the recent and more distant past, depending on bioturbation and taphonomic 172 

processes (Loubere and Gary, 1990). Radiocarbon and δ18O values of selected core-top samples in 173 

this study reveal Holocene ages (Table S1). 174 

 175 

2.2. Age models 176 

We show five down-core I/Ca records: ODP Site 1242 (7.86oN, 83.61oW, 1400 m); ODP Site 177 

849 (0.18oN, 110.50oW, 3800 m); TC493 (71.15oS, 119.92oW, 2096 m); GeoB1720-2 (28.98oS, 178 
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13.83oE, 1997 m), and GeoB9532-9535 (8.90oN, 14.90oW, 319-667 m) (Table S2). Age models 179 

for ODP Site 1242 and ODP Site 849 are after Hoogakker et al. (2018), core TC493 is after Lu et 180 

al. (2016), core GeoB1720-2 is after Dickson et al. (2009); Lu et al. (2019), and GeoB9532-9535 181 

is after Huang et al. (2012). 182 

 183 

2.3. Foraminiferal I/Ca analyses 184 

Benthic foraminiferal I/Ca was measured following the method for planktic foraminiferal I/Ca 185 

(Lu et al., 2016). For each sample, 3 – 15 specimens from > 250 μm size fraction were used 186 

depending on foraminifera availability. The foraminifera were gently crushed between two clean 187 

glass plates to open the chambers, then cleaned following the Mg/Ca protocol (Barker et al., 2003). 188 

Crushed foraminiferal shells were ultra-sonicated in water to remove clays. NaOH-buffered H2O2 189 

was then added, and the sample was kept in boiling water for 10 – 20 mins to remove organic 190 

matter. Reductive cleaning was not applied, as the effects of Mn oxide coatings on I/Ca signal are 191 

minimal (Zhou et al., 2014). After thorough rinsing, samples were dissolved in 3% HNO3, then 192 

mixed with a matrix containing internal standard and buffered by tertiary amine. Iodine and 193 

calcium concentrations were measured by quadrupole ICP-MS (Bruker M90) at Syracuse 194 

University. Calibration standards were freshly made for each batch of samples. The 1 ppb iodine 195 

signal was tuned to > 80 kcps. The reference material JCp-1 was measured repeatedly to maintain 196 

long-term accuracy (Lu et al., 2010). The standard deviation for each measurement was usually 197 

lower than 1%. Replicates of selected C. wuellerstorfi from core GeoB1720-2 show reproducibility 198 

ranging from ±2% (0.07 µmol/mol; 1σ) to ±9% (0.23 µmol/mol; 1σ) for I/Ca (Table S2). 199 



10 

 200 

2.4. O2 data 201 

The O2 data for sample sites of living foraminifera are in-situ bottom water O2 data after 202 

Rathburn et al. (2018). They were determined measuring high-resolution oxygen profiles from the 203 

overlying water into the sediment in multi-corer tubes taken at the collection site, using 204 

amperometric oxygen microelectrodes, or an oxygen sensor mounted on a CTD or submersible. 205 

For unstained core-top samples, in-situ O2 data are not available, and we used O2 data from the 206 

Electronic Atlas of the World Ocean Circulation Experiment (http://www.ewoce.org/). For core-207 

top samples located in coastal areas in the Southeast Atlantic, we used O2 data from the nearest 208 

site from the World Ocean Database 2013 (https://www.nodc.noaa.gov/OC5/WOD13/) (Boyer et 209 

al., 2013) because of the greater spatial variability in O2 conditions in this region. 210 

 211 

3. Results 212 

I/Ca in shells of living and unstained foraminifera from core-top sediments decreases with 213 

lower BWO, except for the middle O2 range (50 – 200 µmol/kg) (Fig. 2). Furthermore, benthic 214 

I/Ca does not appear to decrease gradually across the entire oxygenation spectrum from oxic 215 

(BWO > 70 µmol/kg), hypoxic (BWO < 70 µmol/kg), suboxic (BWO < 10 µmol/kg) to anoxic (no 216 

O2) conditions. Instead, benthic I/Ca decreases rapidly below a BWO threshold (e.g., < ~50 217 

µmol/kg). In general, low benthic I/Ca are consistent with low BWO, but depending on the 218 

thresholds (definition of “low”), low BWO may not exclusively produce low benthic I/Ca. Lower 219 

I/Ca values in the tests of C. wuellerstorfi correlate significantly with greater surface pore 220 

percentages, a proxy for oxygenation (Rathburn et al., 2018), as measured on the same set of 221 
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specimens (R2 = 0.83, p < 0.01) (Fig. 2B-C). 222 

In our five cores from the Eastern Equatorial Pacific (EEP), South Atlantic and Southern 223 

Oceans (Fig. 3 and 4, Table S2), low I/Ca values are generally found in glacial samples than in 224 

modern/late Holocene samples. At ODP Site 1242 (EEP) and core sites GeoB1720-2 and 225 

GeoB9532-9535 (Atlantic), the I/Ca values were close to or less than 3 µmol/mol during parts of 226 

the last glacial period. ODP Site 849 (EEP) shows I/Ca between 2.9 and 4.9 µmol/mol throughout 227 

the last 150 ka, without pronounced trends. Core TC493 from the Southern Ocean does not have 228 

enough Cibicidoides spp. specimens in MIS 2 sediments for I/Ca analyses. Where specimens could 229 

be found, the corresponding I/Ca values were relatively higher than in the other studied cores. C. 230 

wuellerstorfi I/Ca was ~6 µmol/mol during glacial MIS 6, increasing to ~12 µmol/mol during 231 

interglacial MIS 5e, and C. lobatulus I/Ca was ~10 µmol/mol during MIS 6, increasing to ~18 232 

µmol/mol during MIS 5e. 233 

 234 

4. Discussion: proxy development 235 

4.1. Epifaunal I/Ca as a semi-quantitative O2 proxy 236 

The results from living and unstained foraminifera from core-top sediments confirm that low 237 

benthic I/Ca values indicate low BWO (Fig. 2). Epifaunal I/Ca does not linearly correlate with 238 

BWO, thus I/Ca cannot be calibrated as a quantitative proxy. However, low I/Ca values in 239 

epifaunal benthic foraminifera may be used to determine BWO above/below a threshold value as 240 

a semi-quantitative proxy. Such a semi-quantitative proxy can be valuable for tuning ocean models 241 

at locations, where fully quantitative proxies are not applicable (e.g., where Globobulimina spp. 242 
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are absent).  243 

We apply the statistical method “receiver operating characteristic” (ROC) (Zou et al., 2007) 244 

to determine the O2 threshold for several cut-off values in I/Ca (see Fig. S1 for an example of the 245 

statistical results). The statistical results show that lower I/Ca cut-off values generally lead to lower 246 

O2 threshold values (Fig. 2B). A parameter called the area under curve (AUC) describes how well 247 

the optimal O2 threshold separates the two groups of high vs. low I/Ca in these ROC tests. The O2 248 

threshold values producing a high AUC (>0.95) and good separations are shown by thick dashed 249 

lines (Fig. 2B). Similar ROC tests were performed on the surface pore area data (Fig. 2C). These 250 

statistically optimal O2 thresholds are influenced by the choice of cut-off value and available 251 

calibration dataset. For example, using only the living specimen dataset (a smaller calibration 252 

dataset), the ROC analyses show a slightly different optimal O2 threshold for the same I/Ca cut-253 

off value. Adding more I/Ca and surface pore area data in the O2 < 50 µmol/kg window will very 254 

likely change the statistically-determined O2 threshold value. 255 

These statistically-determined O2 threshold values must be viewed with caution in the context 256 

of a multi-proxy approach (see section 4.2): pore area percentages start to increase notably below 257 

50 μmol/kg, and Δδ13C has not yet been fully calibrated below 50 μmol/kg (Fig. 2C). Thus BWO 258 

of ~50 µmol/kg could be an important target for ocean biogeochemical models and carbon cycle 259 

models. Proposing a lower O2 threshold value may lead to over-estimate the degree of 260 

deoxygenation in down-core studies. For now, we propose that Cibicidoides spp. I/Ca < 3 261 

µmol/mol in specimens with high pore density (i.e., > 15%) may be indicative of BWO < ~50 262 

µmol/kg (Fig. 2). Future studies may more rigorously define the O2 threshold for both I/Ca and 263 
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pore density. 264 

The attempt to infer BWO from benthic I/Ca values in the low O2 range (< 50 µmol/kg) 265 

currently remains empirical, with several limitations. C. wuellerstorfi generally are not abundant 266 

at low BWO, making it challenging to tightly constrain the threshold O2 value at which IO3
- in 267 

seawater is reduced and its associated I/Ca in calcite drops (Fig. 2B). In the water column, the O2 268 

threshold values and kinetics are not completely resolved for either iodate reduction or iodide 269 

oxidation (Chance et al., 2014). Paired profiles of dissolved O2 and [IO3−] in the water column at 270 

OMZ sites in the EEP (Rue et al., 1997), Arabian Sea (Farrenkopf and Luther, 2002), Northwest 271 

Pacific (Huang et al., 2005) and Eastern Pacific off Peru (Cutter et al., 2018) demonstrate that rapid 272 

iodate reduction, with a lifetime of ~50 nM per hour (Chance et al., 2014), occurs at O2 < 20 273 

µmol/kg (Fig. 2A). Such studies are sparse, however, and there are no controlled laboratory 274 

experiments in seawater constraining the O2 threshold of iodate reduction. Coupled seawater 275 

chemistry (iodine speciation and BWO) and living specimen I/Ca measurements at the same 276 

location may be required to precisely quantify the relationship between epifaunal I/Ca and BWO. 277 

Our set of live-collected and core-top samples was selected to calibrate benthic I/Ca across a 278 

wide range of O2 concentrations (2 – 270 µmol/kg), but other environmental parameters (such as 279 

temperature and water depths) are generally correlated with O2 in these samples, making it difficult 280 

to deconvolve the relations between non-O2 parameters and I/Ca. For example, we observe a weak 281 

correlation between bottom water temperature and benthic I/Ca in living C. wuellerstorfi (R2 = 282 

0.14, p = 0.26), and a slightly positive correlation in unstained C. wuellerstorfi (R2 = 0.16, p = 283 

0.05). These correlations cannot be convincingly attributed to a potential temperature effect, 284 
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because temperature is significantly correlated with BWO (R2 = 0.55, p < 0.01). Further core-top 285 

studies are required to test non-O2 effects on I/Ca, under similar O2 conditions but under a broad 286 

range of temperature, salinity, water depths, etc. 287 

 288 

4.2 Downcore proxy comparison 289 

Next, we compare two I/Ca down-core records with quantitative BWO reconstructions from 290 

Δδ13C on the same core or a nearby core (Fig. 3). At ODP Site 1242 in the EEP, I/Ca values appear 291 

to be consistent between the two species (C. wuellerstorfi and C. pachyderma), with values < 3 292 

µmol/mol (and thus < 50 µmol/kg BWO) throughout MIS 3 and MIS 2. The Δδ13C records suggest 293 

BWO were ~50 µmol/kg during parts of MIS 3 and throughout MIS 2 (Hoogakker et al., 2018). 294 

In the Southeast Atlantic at Site GeoB1720-2, the C. wuellerstorfi I/Ca values show only a 295 

few values < 3 µmol/mol during late MIS 3 and the LGM. The Δδ13C reconstructions at nearby 296 

site GeoB3606-1 (25.47oS, 13.08oE, 1785 m) suggest that BWO values were ~50 µmol/kg during 297 

late MIS 3 and the early and late phases of MIS 2 (McKay et al., 2016). Higher resolution and 298 

improved age models are necessary to better examine the temporal changes in this region. 299 

The epifaunal I/Ca proxy thus is generally (but not perfectly) consistent with the Δδ13C proxy. 300 

The difference between I/Ca (GeoB1720-2) and Δδ13C (GeoB3606-1) in the South Atlantic may 301 

be due to the relatively low temporal resolution of the records and different locations at which 302 

these two proxies were measured. At ODP Site 1242, values of I/Ca and Δδ13C disagree between 303 

10 ka and 15 ka, disregarding whether BWO was above or below 50 µmol/kg (Fig. 3). This 304 

discrepancy could be caused by several possibilities: There are still uncertainties in the behavior 305 
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of Δδ13C in the low BWO range (Fig. 2C) (Hoogakker et al., 2015). The best preserved C. 306 

wuellerstorfi specimens were used for Δδ13C measurements and the rest of the specimens was used 307 

for I/Ca, thus sample heterogeneity amongst foraminifera from the same depth interval in the 308 

sediment may also influence the comparison between these two proxies. Alternatively, iodide 309 

oxidation kinetics could be slow, with a lifetime ranging between ~4 nM per year and ~670 nM 310 

per year (Chance et al., 2014), implying that waters could have been re-oxygenated before the 311 

associated iodide was re-oxidized to iodate. We cannot rule out the possibility that the low I/Ca 312 

values between 10 – 15 ka result from slow recovery of O2 at some “upstream” location, instead 313 

of recording in-situ BWO at ODP Site 1242. The aU record at nearby site RC13-140 (2.87oN, 314 

87.75oW, 2246 m) shows higher aU concentrations during the period from 10 – 15 ka than during 315 

the Holocene when opal flux was similar/slightly lower (Bradtmiller et al., 2010), suggesting the 316 

presence of low BWO water masses from 10 – 15 ka, similar to the I/Ca trend (Fig. 3). 317 

During the Holocene, the Δδ13C record at ODP Site 1242 shows that BWO first increased from 318 

~80 µmol/kg at 10 ka to a maximum of ~140 µmol/kg at 8 ka, and then decreased to ~80 µmol/kg 319 

at modern day. In contrast, the I/Ca values steadily increased from ~3 µmol/mol at 10 ka to ~5 320 

µmol/mol at present day, and aU concentrations steadily decreased from ~3 ppm at 10 ka to 0 ppm 321 

at present day. Both I/Ca and aU records can be interpreted qualitatively to reflect lower BWO 322 

during the early Holocene compared to modern day; however we cannot infer any reliable BWO 323 

values from I/Ca and aU records because C. wuellerstorfi I/Ca values were > 3 µmol/mol and aU 324 

peaks were absent during the late Holocene. It is possible that BWO concentrations at the EEP 325 

were fluctuating throughout the Holocene as shown by the Δδ13C record, but this variability cannot 326 
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be inferred from I/Ca or aU records due to the limitations of these two proxies. Alternatively, the 327 

Holocene BWO reconstructions from Δδ13C may be impacted by the incorporation of isotopically 328 

light carbon into Globobulimina spp. from anaerobic processes (Jacobel et al., 2020). 329 

Epifaunal I/Ca thus can be a useful tool to place semi-quantitative constraints on paleo-BWO, 330 

combined with the δ13C, pore density, organic compound preservation, and aU data. The I/Ca 331 

proxy can be applied to regions, where epifaunal Cibicidoides spp. are present, but where there are 332 

no deep infaunal species for δ13C calculation. Epifaunal I/Ca and pore density can provide 333 

confirmation of reconstructed δ13C - BWO values. Given the complications and limitations of 334 

each proxy, we suggest that a multi-proxy approach is the best way forward, and low BWO 335 

conditions (< 50 µmol/kg) may be reliably detected, if more than one of the following are observed: 336 

low epifaunal I/Ca values (i.e., < ~3 µmol/mol); low δ13C (i.e., < ~0.8 ‰); and high pore area 337 

percentages (i.e., > ~15 %) (Fig. 2). 338 

 339 

5. Discussion: Global Compilations 340 

5.1 Updating the global compilation of glacial BWO 341 

We next combine our I/Ca records with a compilation of δ13C data (9 sites) and C37 alkenone 342 

data (7 sites) to show broad temporal and spatial patterns in (semi-)quantitative BWO (Fig. 5, 343 

Table S3). In addition, we update a global compilation of sediment aU records (108 sites) (Table 344 

S3), from which we highlight sites with coupled higher aU and lower/similar productivity, 345 

indicative of lower BWO in the LGM than at present (Bradtmiller et al., 2010). Differences in aU 346 

values at sites exposed to the same water mass are likely caused by differences in diagenetic 347 

processes and/or sedimentation rates (Costa et al., 2018). 348 
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There are two key observations in this multi-proxy compilation (Fig. 5): (i) The four proxies 349 

are generally consistent in space and time, indicating that bottom waters experienced various 350 

degrees of glacial-time deoxygenation. (ii) The areal extent of low O2 waters (< ~50 µmol/kg) was 351 

more extensive during the last glacial period than today, at water depths >1500 – 2000 m in the 352 

Atlantic and Pacific Oceans. ODP Site 849 (water depth 3800 m) in the EEP exhibits relatively 353 

small variability in I/Ca (~3 – 5 µmol/mol) throughout this low-resolution record. No aU peaks 354 

were found in down-core samples at ODP Site 849 (Pichat et al., 2004), but this does not exclude 355 

the possibility of deoxygenation because aU peaks can be removed by subsequent reoxygenation 356 

combined with intense bioturbation (Costa et al., 2018). The C37 alkenone records at four 357 

intermediate to deep EEP sites (water depths 1.4 – 3.1 km) were interpreted to indicate BWO 358 

below 50 µmol/kg during the last glacial period (Anderson et al., 2019). Thus, low O2 waters may 359 

have expanded to as deep as 3.1 km in the EEP as recognized by the (semi-)quantitative methods 360 

applied to date, but we do not yet have reliable semi-quantitative information about the degree of 361 

deoxygenation in the deepest EEP (> 3.1 km). Previous global compilations of qualitative BWO 362 

proxies have shown lower BWO during the LGM in the deepest parts (3 – 5 km) of the Atlantic, 363 

North Pacific, and Indian sector of the Southern Ocean from trace metal records (Jaccard and 364 

Galbraith, 2012), but more research is needed to quantitatively constrain glacial conditions in the 365 

deepest parts (≥ 4 km) of all oceans. 366 

 367 

5.2 Drivers of deoxygenation in the glacial Atlantic vs. Pacific Oceans 368 

The relative dominance of different drivers (ventilation, O2 utilization, the temperature-369 
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dependent O2 solubility effect) was unlikely to be identical across depths (shallow and deep 370 

circulation cells) and ocean basins (Pacific vs. Atlantic), in determining the spatial patterns in 371 

glacial-interglacial BWO changes (Fig. 5). Today, the deep ocean is less oxygenated in the Pacific 372 

than in the South Atlantic because of the significant aging of deep waters in the Pacific Ocean 373 

(Broecker and Peng, 1982). Ocean circulation reconstructions suggest stronger stratification and 374 

more sluggish deep circulation during the LGM in the Atlantic (Ferrari et al., 2014; Howe et al., 375 

2016; Roberts et al., 2016), whereas arguments for (Basak et al., 2018; Du et al., 2018) and against 376 

(Hu and Piotrowski, 2018) reduced ventilation in the glacial deep Pacific have been made.  377 

During the glacial, export production generally may have increased in the South Atlantic 378 

(Kohfeld et al., 2005). In the Sub-Antarctic Atlantic, north of the Antarctic Polar Front (APF), 379 

increased dust flux during glacial times was associated with iron fertilization and a strengthened 380 

biological pump (Martínez-García et al., 2014). On the other hand, export production decreased in 381 

the glacial equatorial and North Pacific (Costa et al., 2018; Costa et al., 2016; Kohfeld and Chase, 382 

2011) (Fig. 5). In the equatorial Pacific, dust deposition was greater during glacial periods, but 383 

whether it was large enough to provide substantial iron fertilization remains controversial (Costa 384 

et al., 2016; Loveley et al., 2017; Murray et al., 2012; Winckler et al., 2016). In the Sub-Antarctic 385 

East Pacific and just south of the APF, both dust deposition and export production increased during 386 

glacials relative to interglacials (Lamy et al., 2014). 387 

This set of proxy records (Fig. 5C) covers the broadly defined glacial period, when the drivers 388 

for changes in the Earth system established for the LGM should largely apply. For glacial oceans, 389 

these records (Fig. 5C) obviously do not yet resolve the extent of low BWO (< 50 µmol/kg) 390 
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globally, but they do show potential to generate a hypothesis for comparison with models of the 391 

glacial ocean circulation and associated biogeochemical parameters. For example, low BWO 392 

appeared more frequently in the intermediate-deep parts of the Pacific (1.4 – 3 km) than in the 393 

upper-intermediate depths in the Atlantic (< 2 km). The glacial deoxygenation in the deep 394 

circulation cells in both the South Atlantic and Pacific Oceans (Fig. 5) likely was driven by 395 

ventilation changes or air-sea disequilibrium (Eggleston and Galbraith, 2018; Ferrari et al., 2014; 396 

Khatiwala et al., 2019; Rae et al., 2018; Stephens and Keeling, 2000). Global temperature change 397 

might have influenced whole-ocean oxygenation more through reduced ventilation, than through 398 

changes in O2 solubility due to cooling. In the glacial Pacific Ocean, lower productivity and 399 

deoxygenation at intermediate-deep water depths (1.4 – 3 km) suggests that ventilation changes 400 

may have had a major impact on BWO. In contrast, the enhanced biological pump in the Atlantic 401 

and possibly shallower deoxygenation (< 2 km) suggest that productivity might have played an 402 

important additional role in driving glacial deoxygenation (Fig. 5C). Ventilation and productivity 403 

thus might have differently affected deoxygenation in the two ocean basins. More 404 

(semi-)quantitative records are required to confirm this spatial pattern for modeling work to 405 

explore mechanistic explanations, such as changes in the westerlies, dust supply, changes in the 406 

remineralization depth/efficiency, the nature of ecosystem communities, circulation rate/water 407 

mass extent, and density structure of the ocean.  408 

 409 

5.3 Implications for glacial ocean carbon storage 410 

Glacial bottom water deoxygenation is commonly associated with increased storage of 411 
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respired carbon in the deep ocean (e.g., Anderson et al. (2019); Bradtmiller et al. (2010); 412 

Cartapanis et al. (2016); Hoogakker et al. (2018); Hoogakker et al. (2015); Jacobel et al. (2020)). 413 

CO2 is removed from the surface ocean by photosynthesis, and oceanic O2 is consumed through 414 

the respiration of fixed organic carbon, with a CO2:O2 stoichiometry of 0.7 below 400 m (Anderson 415 

and Sarmiento, 1994), although air-sea disequilibrium could alter the relationship between 416 

dissolved oceanic O2 and carbon storage (Ito and Follows, 2013; Khatiwala et al., 2019). The 417 

respired carbon storage or respiratory CO2 concentrations in the glacial-time ocean were estimated 418 

on a regional scale by calculating the oxygen utilization (the difference between measured BWO 419 

and the saturated dissolved O2 concentrations of the water mass at each salinity and potential 420 

temperature) and using approximate Redfield ratios for Corg/O2 of 117/170 (e.g., Hoogakker et al., 421 

2015, 2018; Anderson et al., 2019). In future work, more (semi-)quantitative glacial BWO data 422 

with higher spatial coverage, especially in the same water mass, will help improve such 423 

calculations on carbon storage globally and in each ocean basin. 424 

Global analyses of modern seawater show that δ13C of dissolved inorganic carbon is 425 

significantly correlated with deep water O2 (Hoogakker et al., 2016). Down-core records show 426 

similar positive relations between averaged δ13CCibicidoides and I/Ca values or δ13C-derived O2 427 

estimates, supporting that bottom waters were overall less-oxygenated and carbon storage was 428 

higher during the LGM (Fig. 6). Our semi-quantitative BWO values thus agree with other 429 

observations that the glacial ocean was less well-ventilated and stored more respired carbon than 430 

the modern ocean, despite lower global temperatures. Climate-driven changes in ocean ventilation 431 

and biological productivity thus can outweigh the effect of temperature-dependent O2 solubility in 432 
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determining past ocean deoxygenation and may have played different roles in the glacial Atlantic 433 

vs. Pacific Oceans. 434 

 435 

6. Conclusions 436 

We document the potential of epifaunal I/Ca as a promising semi-quantitative BWO proxy, 437 

and demonstrate that epifaunal I/Ca combined with independent other proxies (e.g., δ13C and 438 

pore area percentages) can provide more reliable reconstructions of BWO in the world ocean than 439 

the use of a single proxy. The global compilation of I/Ca, δ13C and C37 alkenone records indicates 440 

that waters with O2 < 50 µmol/kg were more extensive in the Atlantic and Pacific Oceans during 441 

glacial periods than present day, and that the driving mechanisms of glacial-time deoxygenation 442 

may have differed between ocean basins. Our results support a glacial ocean with generally less-443 

oxygenated bottom waters at water depths >1500-2000 m and increased carbon storage. 444 
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Figures 455 

 456 
 457 
Fig. 1. Core and sample locations (EEP: Eastern Equatorial Pacific). 458 

 459 

 460 
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 461 

 462 

  463 

Fig. 2. (A). Dissolved oxygen 
concentration ([O2]SW) versus 
dissolved iodate concentration in 
seawater ([IO3

−]SW) (Cutter et al., 
2018; Farrenkopf and Luther, 2002; 
Huang et al., 2005; Rue et al., 
1997). (B). I/Ca in shells of living 
and unstained benthic foraminifera 
from core-top sediments versus 
bottom water oxygen 
concentrations ([O2]BW). Error bars 
for y axis indicate the s.d. (1 s.d.) 
of duplicate measurements. (C). 
Surface pore areas in foraminiferal 
tests versus ambient [O2]BW 
modified from Rathburn et al. 
(2018); Δδ13C versus [O2]BW 

modified from Hoogakker et al. 
(2015), and two open symbols are 
from Hoogakker et al. (2018). The 
orange shading in A, B and C 
marks [O2] < ~50 µmol/kg. The 
dashed lines in B and C illustrate 
the I/Ca or pore area cut-off values 
and related optimal O2 thresholds 
determined from the ROC method 
(for details see text). Thick dashed 
lines denote AUC > 0.95 (better 
ROC test results), and the thin 
dashed lines denote AUC < 0.95. 
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 464 

 465 

Fig. 3. Comparison of epifaunal I/Ca with O2 reconstructions from Δδ13C in the EEP (Hoogakker 466 

et al., 2018) and Southeast Atlantic (McKay et al., 2016) over the last 45 ka and 75 ka, respectively. 467 

The aU record at site RC13-140 is from Bradtmiller et al. (2010). Yellow asterisks in the bottom 468 

panels denote the modern bottom water O2 at the sites.  469 
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 470 

 471 

Fig. 4. Down-core records of benthic foraminiferal I/Ca plotted vs. time. Blue shaded areas 472 

indicate glacial periods and bold dashed orange lines indicate [O2] < ~50 µmol/kg. 473 
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Fig. 5. Global compilation of benthic I/Ca, Δδ13C, C37 alkenones, and aU proxy records. (A) Map 475 

view, (B) modern and (C) glacial transects through the Atlantic and Pacific Oceans. Red symbols 476 

highlight sites with glacial deoxygenation and glacial BWO < 50 µmol/kg, as estimated from I/Ca 477 

< 3 µmol/mol, or an order-of-magnitude higher of C37 alkenones, or calculated from Δδ13C. 478 

“Uncertain” refers to sites without sufficient Holocene and/or glacial samples for I/Ca or Δδ13C 479 

analyses and factors other than BWO hampering the interpretation of aU as BWO proxy, 480 

respectively. Note that the Δδ13C calculated from C. kullenbergi at Sub-Antarctic Atlantic site 481 

MD07-3076Q (44.15oS, 14.23oW, 3.8 km) (Gottschalk et al., 2016a) has been re-calculated 482 

(Gottschalk et al., 2016b), because the calibration was only applicable for δ13CC. wuellerstorfi. The 483 

productivity changes at the LGM relative to the late Holocene are adapted from Costa et al. (2017); 484 

Kohfeld et al. (2005). The ocean circulation in panel B and C is adapted from Du et al. (2018); 485 

Sigman et al. (2010). NADW: North Atlantic Deep Water; AABW: Antarctic Bottom Water; AAIW: 486 

Antarctic Intermediate Water; GNAIW: Glacial North Atlantic Intermediate Water; PDW: Pacific 487 

Deep Water.  488 
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 489 

 490 

Fig. 6. A) Averaged Cibicidoides spp. δ13C versus [O2]BW and B) I/Ca at each site with down-core 491 

data between modern/Holocene and LGM (open symbols). The LGM [O2] values in panel A are 492 

derived from Δδ13C. Background scatter plot in panel A shows the modern global relationship 493 

between seawater [O2] and δ13C of dissolved inorganic carbon based on seawater analyses (filled 494 

symbols) (Hoogakker et al., 2016). Red color band corresponds to [O2] < 50 µmol/kg windows in 495 

Fig. 1B, and the y-axis are scaled to the proposed I/Ca - O2 estimates discussed in the text. The 496 

arrows in panel B indicates the data trend towards decreased oxygenation and increased carbon 497 

storage in LGM. I/Ca values at site TC493 are not from the Holocene and the LGM but from MIS 498 

5e and MIS 6.   499 
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